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Crystallization ages for ferroan anorthosites (FANs), representing 
the LMO’s flotation crust, range from ~100 to ~200 Ma after the 
beginning of the solar system. However, this range may not reflect 
true differences in formation ages, because some of these ages have 
large uncertainties and different chronometers have not yielded con-
cordant results (20). A precise and concordant age has only been 
found for a single FAN sample (60025), which crystallized at 4.360 ± 
0.003 Ga (21). This age is considered an important marker in lunar 
chronology, as it coincides with the two-stage model age for the iso-
lation of the remaining small percentage of the LMO called urKREEP 
[for strong enrichments in potassium (K), rare-earth elements (REEs), 
and phosphorus (P)]. The urKREEP model age was determined using 
the 147Sm-143Nd and 176Lu-176Hf systematics of KREEP-rich samples 
having crystallization ages from ~4.35 to ~3.85 Ga. Back-projection 
of the initial Nd and Hf isotopic compositions of these samples to the 
chondritic composition (assumed to represent the bulk LMO) yields 
a model age for urKREEP formation of 4.368 ± 0.029 Ga (22). The close 
agreement of this age with the age of FAN 60025 has been used to 
argue for a rapid crystallization of the LMO at ~4.36 Ga (20, 22). Be-
cause the LMO is thought to cool rapidly until the anorthositic crust 
formed, this age may also represent the Moon’s formation age (20, 22).

However, the model age for urKREEP formation calculated in 
this manner relies on the assumption that urKREEP derives from a 
reservoir with chondritic composition that underwent a single frac-
tionation event. Yet, if LMO solidification took ~200 Ma, as in our 
fiducial case, there would have been significant isotopic evolution 
before the isolation of urKREEP. To assess this effect quantitatively, 
we calculated the isotopic evolution of the LMO based on our crys-
tallization sequence and thermal evolution time series computed for 
our fiducial set of parameters. In the model, we treated the age of 
the Moon (t0), corresponding to the onset time of LMO solidification, 
as a free parameter. The urKREEP reservoir is assumed to form at 

time tKREEP, when the 176Lu/177Hf and 147Sm/144Nd ratios of the re-
maining LMO match those inferred for urKREEP (21). Figure 4 
shows the results for the cases that successfully reproduce the Hf and 
Nd isotopic evolution of KREEP-rich samples (results are shown 
as 176Hf and 143Nd values, the parts-per-104 deviation from chon-
dritic compositions), demonstrating that at tKREEP the LMO had sub-
chondritic 176Hf and 143Nd. Moreover, the characteristic 176Lu/177Hf 
and 147Sm/144Nd of KREEP are reached between ~4.27 and ~4.19 Ga 
(Fig. 4C, blue histogram), i.e., 100 to 180 Ma later than previously 
inferred from the same data but assuming chondritic 176Hf and 
143Nd at the time of urKREEP formation (22). Thus, contrary to 
previous conclusions, a long-lived LMO is consistent with the ages 
and isotopic composition of bulk KREEP-rich samples.

The Lu-Hf isotopic evolution of urKREEP has also been inves-
tigated using lunar zircons separated from KREEP-rich highland 
breccias (23). However, the zircon and bulk rock data cannot simul-
taneously be fitted in a single model, because they do not plot along 
a common isotopic evolution line for urKREEP. Also, the zircon 
data can only be fitted to the LMO’s Hf isotopic evolution for an 
unrealistically old onset time of LMO crystallization of 4.567 Ga 
(i.e., the age of the solar system). As such, and unlike for the bulk 
rock data, the zircon data are difficult to reconcile with a realistic 
model for the LMO’s thermal and isotopic evolution. One problem 
with the lunar zircon data may be that their Hf isotopic composi-
tions require large downward corrections of 176Hf for the effects of 
cosmic ray exposure (23). These corrections are inherently uncertain, 
and so, the lunar zircons may not accurately record the isotopic 
evolution of the LMO (see Materials and Methods).

Age of the Moon
Our model not only provides the formation time of urKREEP but 
also predicts the time at which the LMO started to crystallize, which 

Fig. 3. Thermal state of the Moon at 100 Ma. (A) Snapshot of the temperature field in the cumulates after 100 Ma for our fiducial case using kcrust = 2 W m−1 K−1 and 
ref = 1021 Pa s (Fig. 2, blue curve). Convection in the cumulates occurs while the magma ocean (yellow area) is still solidifying and the plagioclase crust (gray area) is still 
growing. (B) Corresponding laterally averaged temperature profile (blue line). In hot upwellings, the temperature exceeds the solidus [red dashed line in (B)], causing 
partial melting [pale areas in (A)] that results in heat piping.
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closely approximates the Moon’s formation time (that we treat as a 
free parameter). In the model above, the age of the Moon is 4.44 to 
4.36 Ga (Fig. 4C, red histogram, and table S5). This age can be further 
refined by also including the well-dated lunar meteorite Kalahari 009, 
which has a precise age of 4.369 ± 0.007 Ga (24) and an elevated 

initial 176Hf, indicating that it derived from a high-Lu/Hf source 
region (25). Our fractionation model shows that a pyroxene-rich 
reservoir that crystallized at 250 to 300 km depth has a sufficiently 
high Lu/Hf to reproduce the initial 176Hf at the time of Kalahari 009’s 
crystallization (see Materials and Methods). Selecting the cases that 
successfully fit the data for KREEP-rich samples and Kalahari 009 
results in more tightly constrained t0 and tKREEP, corresponding to 
a Moon formation age between 4.40 and 4.44 Ga and a KREEP 
formation age between 4.22 and 4.27 Ga (Fig. 4C).

While estimates of t0 and tKREEP obtained for our fiducial set of 
parameters are arguably the most meaningful, it is nevertheless im-
portant to assess how these estimates change when a different set of 
parameters is used. As noted above, variations in the reference vis-
cosity have limited impact due to the convergence of the time series 
(as seen in table S5). By contrast, the initial depth of the magma 
ocean has a stronger influence, leading to variations in the LMO’s 
lifetime that potentially translate into variations in t0 and tKREEP. 
Importantly though, t0 is less sensitive to variations in parameter 
space than tKREEP, and a longer LMO lifetime generally tends to 
delay tKREEP rather than affect t0 (Fig. 5 and fig. S8). For instance, a 
500-km-deep LMO, which crystallizes rapidly because it lacks heat 
piping, yields the oldest tKREEP, consistent with previous estimates 
based on the chondritic model of urKREEP (22). However, in this 
case, FAN 60025 would postdate the final solidification of the LMO, 
which is unrealistic unless this sample did not form as a flotation cu-
mulate of the magma ocean. Although longer-lived, a 700-km-deep 
magma ocean yields only slightly younger urKREEP formation times, 
which overlap with the age of FAN 60025. Only for the 1000-km-deep 
and whole-mantle magma oceans is tKREEP substantially younger than 
FAN 60025 and extends up to ~4.16 Ga. Altogether, investigating the 
complete parameter space of our model provides a robust estimate 
for the age of the Moon of between 4.40 and 4.45 Ga, and a KREEP 
formation time at least several tens of Ma later (~170 Ma for our 
fiducial case), and possibly as late as 4.16 Ga. One important impli-
cation of this timeline of lunar evolution is that FAN 60025, with its 
precise age of 4.360 ± 0.003 Ga, does not represent the earliest lunar 
crust, which started forming at 4.40 to 4.45 Ga; it rather samples later 
crust that formed during the prolonged crystallization of the LMO.

Relation between age of the Moon and final differentiation 
of Earth
The 4.40 to 4.45 Ga age for the Moon obtained in our fiducial case 
agrees well with the U-Pb age of Earth of between ~4.45 and ~4.40 Ga 
(26–29). The U-Pb age, therefore, dates an event associated with the 
Moon-forming impact, such as segregation of Pb into Earth’s core 
(29), and not a later event such as the “late veneer” (the material added 
to Earth’s mantle after the Moon-forming impact) (26). Moreover, 
the inverse correlation between time of the last giant impact and mass 
of the late veneer (30) reveals that our inferred age of the Moon is 
consistent with estimates of the late veneer’s mass derived from the 
abundances of highly siderophile elements in Earth’s mantle (30). 
The age of the Moon determined here also coincides with the peak 
of 4.43 to 4.49 Ga 40Ar-39Ar degassing ages for meteorites from the 
asteroid belt, suggesting that this peak may reflect a surge in high-
velocity impacts from ejecta resulting from the Moon-forming im-
pact (31). The convergence of these independent estimates not only 
provides a robust and precise age for the Moon-forming impact but 
also consistently links this event to the differentiation of Earth and 
the dynamical evolution of the inner solar system.

Fig. 4. Isotopic systematics of the evolving LMO and KREEP. (A) Evolution of 176Hf, 
143Nd (B) in the LMO and KREEP, and (C) distribution of Moon formation time 
(t0) and KREEP isolation time (tKREEP). Light gray curves represent the evolution in the 
magma ocean before KREEP formation; dark gray lines represent the subsequent 
KREEP decay lines obtained from Monte Carlo models that fitted at least 11 of the 
12 data points for Lu-Hf and Sm-Nd systems used in (22) and plotted in orange (circles 
for KREEP basalts and diamonds for Mg-suite rocks). One KREEP basalt sample 
used for the Sm-Nd system (NWA773) has an age of 2.993 Ga and falls out of plot 
(B). The model ages of KREEP from (22) for the two systems [corresponding to the 
intercept of the orange solid lines, with the x axis corresponding to the extremes of 
the orange shaded area in (C)]. The age of FAN 60025 is represented by a black 
dashed line in (C). Among the cases shown on the histograms in (C), those com-
patible with Kal009 data are highlighted on the brighter subhistograms.
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MATERIALS AND METHODS
Crystallization model
The crystallization sequence of the magma ocean (fig. S1) is com-
puted similarly to (16) using FXMOTR (32) in the deeper part of the 
mantle, where it is in good agreement with experimental data (33), 
and alphaMELTS (34) in the shallower part, where it provides better 
agreement with experimental data from the same set (35). For our 
fiducial case, we assume fractional crystallization of a spherical shell 
with an initial thickness of 1000 km (with an inner radius of 740 km 
and an outer radius of 1740 km), with 5% trapped melt in the cumu-
lates, and a bulk lunar mantle composition from (36) for the major 
elements and (37) for the heat-producing trace elements (U, Th, and 
K). The oxygen fugacity is assumed to be constant at one log10 unit 
below the iron-wüstite buffer (IW-1). All minerals (except plagioclase) 
that form in a given temperature step are assumed to accumulate at 
the bottom of the LMO and equilibrate with the melt at the respective 
pressure conditions. The depth and bottom pressure of the LMO 
are updated after each crystallization step according to the volume 
of the crystallized cumulate. Plagioclase is assumed to float to the 
top of the magma ocean and form anorthositic crust. The thickness 
of the plagioclase crust at the end of crystallization is 44 km, in good 
agreement with estimates based on gravity and topography data (38).

The resulting crystallization temperature, solidus, heat-producing 
element content, and composition of the cumulate pile are shown in 
figs. S1 and S2. For the unmolten primitive lower mantle, we con-
sider an accretion-like initial temperature profile, decreasing with 
depth from the crystallization temperature at the bottom of the 
magma ocean to the solidus of the bulk silicate Moon composition 
at the core-mantle boundary (CMB). This implies that the unmolten 
lower mantle is partly above its solidus, thus potentially causing 
partial melting. Nevertheless, we neglected the resulting heat piping 
effect that would occur at the very beginning of the magma ocean 
solidification because the heat would be efficiently extracted by the 
then very high surface heat flux.

The progressive enrichment in incompatible, cold crystallizing 
material in the LMO during solidification results in a strong tem-

perature gradient at the very end of the solidification. The solidifi-
cation of the last layer of ≈1 km of the LMO needs the cooling of 
several hundreds of K and is associated with the protracted tail in 
the crystallization time series on Fig. 2.

Similar to previous studies on LMO solidification (2, 3), we con-
sider the crystallization of an initially 1000-km-deep LMO. An ini-
tially whole-mantle LMO has also been proposed (19). This has two 
effects on our results: First, the crystallization temperature changes 
because fractionation occurs throughout the whole mantle rather 
than through the outermost 1000 km. Second, for the same reason, 
a whole-mantle LMO results in a higher enrichment of the LMO in 
heat-producing elements, because no heat-producing elements are 
sequestered in the unmolten lower mantle. Last, an initially thinner 
magma ocean has also been proposed (18). Therefore, we also com-
puted the crystallization sequence and associated thermal evolution 
of initially 500- and 700-km-deep magma oceans. These LMOs have, 
conversely, a lower heat budget. Furthermore, because we also as-
sume an accretion-like temperature in the unmolten lower mantle, 
their corresponding bulk silicate Moon average temperature is lower, 
which translates into less efficient convection due to the temperature 
dependence of the rheology. This results in an absence of heat-piping 
effect for the shallowest LMO using our fiducial set of parameters.

Thermal evolution model
The core
The core is treated as an isothermal sphere of temperature Tcore. 
The equation controlling the time evolution of Tcore reads

	​​ c​ p,core​​ ​​ core​​ ​V​ core​​ ​ 
​dT​ core​​ ─ dt  ​  =  − ​S​ CMB​​ ​q​ CMB​​​	 (1)

where cp, core is the core heat capacity, core is the core density, ​​V​ core​​ = 
4 / 3 ​R​core​ 

3 ​​  is the core volume (Rcore being the core radius), t is the 
time, ​​S​ CMB​​ = 4 ​R​core​ 

2 ​​  is the surface of the CMB, and qCMB is the heat 
flux at the CMB, which is computed as

	​​ q​ CMB​​ = k ​​ ∂ T ─ ∂ r ​​∣​​​ 
r=​R​ core​​

​​​	 (2)

where k is the thermal conductivity of the solid mantle and ​​​∂ T _ ∂ r ​​∣​​​ r=​R​ core​​
​​​ 

is the average temperature gradient above the core.
The solid cumulates
The temperature of the solid cumulates is modeled in two different 
ways. When only the effect of the thermal conductivity of the crust 
is considered, it follows a 1D time-dependent heat diffusion equa-
tion. When the effect of heat piping is considered, it is modeled by 
3D thermal convection.

1D heat diffusion. We model the thermal evolution of the solid 
cumulates by solving the heat diffusion equation in a 1D spherically 
symmetric shell of constant inner radius Rcore and outer radius RMO, 
corresponding to the radius of the bottom of the magma ocean

	​​  ∂ T ─ ∂ t ​  = ​  2 ─ r ​  ​ ∂ T ─ ∂ r ​ +  ​ ​∂​​ 2​ T ─ 
∂​r​​ 2​

 ​ + ​ h ─ ​c​ p​​ ​​	 (3)

where  = k/(cp) is the thermal diffusivity,  is the mantle density, 
cp is the heat capacity, and h is the internal heat production per unit 
mass. The initial internal heating h is the volume average of the heat 
production in the solid cumulates at the initial time of the simulations 

Fig. 5. Distribution of Moon (t0, red points) and KREEP (tKREEP, blue points) 
formation times computed for the various initial LMO depths investigated. 
The red shaded area corresponds to our estimate range (4.40 to 4.45 Ga) for the 
Moon formation event. The black dashed line represents the age of FAN 60025 (21), 
consistent with the crust formation time span obtained for a 1000-km-deep LMO 
or a whole-mantle LMO.
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(corresponding to a 110-km-deep magma ocean). It is computed 
from our crystallization sequence accounting for the partitioning of 
the long-lived radionuclides 235U, 238U, 232Th, and 40K. The internal 
heating’s decay is computed using the decay constants and isotopic 
ratios from (37) (computed at 4.567 Ga). The boundary conditions 
for Eq. 3 are as follows: T∣r=Rcore = Tcore and T∣r=RMO = TMO, where 
TMO is the magma ocean’s temperature. Equation 3 is solved using 
an implicit time stepping and a first-order central finite-difference 
scheme on a 100-point regular grid. Because the geometry evolves as 
the crust grows, the position of the grid points changes from one 
time step to the next. To account for this, the temperature profile 
(before solving Eq. 3) is interpolated from the profile at the previous 
time step onto the new grid.

3D thermal convection. To compute secondary melting caused 
by solid-state convection in the solid cumulates, we use the finite-
volume code GAIA (38) to solve the equations of thermal convection 
in a 3D spherical shell composed of 132 shells containing 10,242 
computation nodes each (see section S1.2 for a discussion about the 
choice of the resolution). The inner radius of the domain corresponds 
to Rcore, while the outer radius evolves following RMO as described 
in (11).

We solve the conservation of mass, linear momentum, and thermal 
energy with the Boussinesq approximation as follows

	​​  ∇​​ 
→

​·​ → v ​  =  0​	 (4)

	​​ ​ ∇​​ 
→

​·​(​​​(​​ ​ ∇​​ 
→

​​ → v ​ + ​ ∇​​ 
→

​ ​​ → v ​​​ T​​)​​​)​​ − ​ ∇​​ 
→

​ p = g(r ) (T − ​T​ s​​ ) ​ → ​e​ r​​​​​	 (5)

	​​  ∂ T ─ ∂ t ​ + ​ → v ​·​ ∇​​ 
→

​T − ​∇​​ 2​T = ​ h ─ ​c​ p​​ ​​	 (6)

where ​​ → v ​​ is the velocity,  is the dynamic viscosity, p is the dynamic 
pressure, g(r) is the radially dependent gravity acceleration,  is the 
thermal expansivity, Ts= 250 K is the surface temperature, and ​​ → ​e​ r​​​​ is 
the unitary radial vector. The viscosity is temperature and pressure 
dependent, following an Arrhenius law

	​​  = ​​ ref​​​(​​ ​ 
​E​​ *​ + ​p​ ls​​ ​V​​ *​

 ─ RT ​  − ​ 
​E​​ *​ + ​p​ ref​​ ​V​​ *​

 ─ ​RT​ ref​​
 ​​ )​​​​	 (7)

where ref is the reference viscosity, i.e., the viscosity at the reference 
pressure pref = 3 GPa and temperature Tref = 1600 K; E* = 335 kJ/mol 
and V* = 4 × 10−6 m3/mol are the activation energy and volume, 
respectively, characteristic of olivine diffusion creep (14); pls is the 
lithostatic pressure; and R is the gas constant.

Because of its small core, the gravity acceleration in the lunar 
mantle is not uniform throughout the mantle. We compute g by 
considering a constant density , resulting in

	​​ g(r ) = ​ 4 / 3πG ─ 
​r​​ 3​

 ​​ (​​​ρ​ core​​ ​R​core​ 
3 ​  − ρ(​r​​ 3​ − ​R​core​ 

3 ​  )​)​​​​	 (8)

where G is the gravitational constant. The internal heating per unit 
mass and the thermal boundary conditions associated to this system 
are the same as those introduced in the previous section. The dy-
namical boundary conditions are free slip at both inner and outer 
boundaries.

2D thermo-chemical convection. For some cases, we followed (16) 
to assess the buoyancy effects of a late-crystallizing, dense, and weak 

layer at the top of the cumulates. This layer, which simulates ilmenite-
bearing cumulates of density 1 = 3775 kg/m3 as computed from 
our crystallization model, is taken into account by solving the ad-
vection equation

	​​  ∂ C ─ ∂ t ​ + ​ → v ​·​ ∇​​ 
→

​C = 0​	 (9)

where C is the nondimensional chemical density field, whose value 
is one in the dense cumulates (a layer at the top of the cumulate pile 
of thickness D1= 27 km) and zero elsewhere. Equation 9 is imple-
mented using the particle-in-cell method as described in (39) and 
applied in the context of thermochemical convection in the early 
Moon by (16). Because of the prohibitively high computational cost 
of using the particle-in-cell method with a high-resolution 3D grid, 
we ran these simulations on a 2D cylindrical grid, which allowed us 
to adopt a radial resolution of 249 shells. Compositional buoyancy 
is accounted for by adding a body-force term in Eq. 5, which now 
reads

	​​ ​ → ∇ ·​​(​​​(​​ ​ ∇​​ 
→

​​ → v ​ + ​ ∇​​ 
→

​ ​​ → v ​​​ T​​)​​​)​​ − ​ ∇​​ 
→

​p = (g(r ) (T − ​T​ s​​ ) − ​​ 1​​ g(r ) C ) ​ → ​e​ r​​​​​		
		  (10)

The weaker rheology of the dense layer is accounted for by mod-
ifying the viscosity field as follows

	​  = ​​ A​​ ​​​ C​​	 (11)

where A is the Arrhenius viscosity computed from Eq. 7,  is the 
viscosity ratio between the weak layer and the average mantle, and 
C is the concentration of weak material.

Last, the dense layer is also enriched in heat-producing elements. 
Its initial rate of internal heating (computed from our crystallization 
model) is h1 = 1.27 × 10−10 W/m2. The composition-dependent in-
ternal heating rate hence reads

	​ h = (1 − C ) ​h​ 0​​ + ​Ch​ 1​​​	 (12)

Heat piping. We assume that extraction of the secondary melts 
due to decompression melting in the rising upwellings of convecting 
solid cumulates buffers the maximum temperature in the cumulates 
to the solidus. After solving Eq. 6, if the temperature locally exceeds 
the solidus, a mass of melt dMmelt is produced locally, driving the 
temperature back to the solidus through consumption of latent heat 
of melting

	​​ dM​ melt​​ = ​ 1 ─ L ​ ​c​ p​​ dV max(T − ​T​ sol​​, 0)​	 (13)

where L is the latent heat of melting, dV is the volume on which the 
mass of melt is computed, and Tsol is the local solidus temperature. 
This mass of melt is then extracted at its solidus temperature, into 
the magma ocean, providing a heat source proportional to the tem-
perature difference between the magma ocean and the solidus at the 
melting position, resulting in a total heat source dEHP

	​​ dE​ HP​​ = ​∫ 
​V​ cumulates​​

​ ​​ ​c​ p​​(​T​ sol​​ − ​T​ MO​​ ) d​M​ melt​​​	 (14)

Magma ocean
The magma ocean is modeled as an isothermal spherical shell of 
inner radius RMO and outer radius Rcrust (the radius of the bottom of 
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the flotation crust). We solve the conservation of heat in the magma 
ocean by balancing the different fluxes in and out of the magma 
ocean with its internal heating. The heat conservation equation for 
the thermal energy of the magma ocean reads

	​​ 
​ρ​c​ p​​ ​ d ─ dt ​​(​​ ​∫ 

​V​ MO​​
​ ​​ ​T​ MO​​ dV​)​​ = ​q​ bot​​ ​S​ bot​​ − ​q​ top​​ ​S​ top​​+​

​    
ρ​h​ MO​​ ​V​ MO​​ + ​ ​dE​ HP​​ ─ dt ​  + ρL ​ ​dV​ MO​​ ─ dt ​  + ρ​c​ p​​ ​ ​dV​ MO​​ ─ dt ​ ​ T​ MO​​

​​	 (15)

where qbot and qtop are the conductive heat fluxes at the bottom and 
the top of the magma ocean, respectively; qbot and qtop are the sur-
faces of the bottom and the top of the magma ocean, respectively; 
and TMO, hMO, and VMO are the magma ocean’s temperature, inter-
nal heating per unit mass, and volume, respectively. The left-hand 
side term corresponds to the variation in thermal energy of the 
magma ocean (due to variation in both temperature and volume 
because it is an open system). The first two terms on the right-hand 
side correspond to the conductive heat fluxes at the top of the cu-
mulates into the magma ocean and at the base of the crust out of the 
magma ocean and are computed as ​​q​ bot​​  =  − k ​​∂ T _ ∂ r ​∣​ r=​R​ MO​​

​​​ and ​​q​ top​​  = 
− k ​​∂ T _ ∂ r ​∣​ r=​R​ crust​​

​​​, where ​​S​ bot​​ = 4 ​R​MO​ 2 ​​  and ​​S​ top​​ = 4 ​R​crust​ 
2 ​​  are the surfaces 

of the bottom and top of the magma ocean, and kcrust is the thermal 
conductivity of the crust. The third term on the right side of Eq. 15 
corresponds to the internal heating of the magma ocean. Note that 
hMO depends on time, due to the decay of heat-producing elements, 
and on RMO, due to the enrichment in incompatible heat-producing 
elements as the magma ocean crystallizes. The fourth term is the 
heat-piping flux introduced in the previous section. The fifth term 
corresponds to the release of latent heat upon crystallization (or 
consumption of latent heat upon melting). Last, the sixth term cor-
responds to the heat flow due to the mass flux out of the magma 
ocean of the settling crystals. This term must appear because we 
consider the heat conservation of an open system.

Because the magma ocean is assumed to be isothermal, we can 
expand the left-hand side term as

	​​ ​ d ─ dt ​​(​​ ​∫ 
​V​ MO​​

​ ​​ ​T​ MO​​ dV​)​​ = ​T​ MO ​​ ​ d​V​ MO​​ ─ dt ​  + ​V​ MO​​ ​ d​T​ MO​​ ─ dt ​ ​​	 (16)

and cancels out the first term on the right-hand side of Eq. 16 with 
the last term on the right-hand side of Eq. 15. We can also write the 
latent heat term as

	​ L ​ ​dV​ MO​​ ─ dt  ​  =  L ​ ​dV​ MO​​ ─ ​dR​ MO​​  ​ ​ ​dR​ MO​​ ─ ​dT​ MO​​ ​ ​ 
​dT​ MO​​ ─ dt  ​​	 (17)

Note that ​​d​V​ MO​​ _ d​R​ MO​​ ​​ is not simply ​− 4 ​R​MO​ 2  ​​ due to the coupled evolu-
tion of RMO and Rcrust defining its boundaries (see Eq. 23). Further-
more, both the evolution of TMO and RMO are linked because TMO 
follows the radial profile of Tcrys as the magma ocean crystallizes

	​​  d​T​ MO​​ ─ ​dR​ MO​​ ​  = ​​ 
d​T​ crys​​ ─ dr ​​ ∣​​​ 

r=​R​ MO​​
​​​	 (18)

Therefore, inserting Eq. 18 into Eq. 17, we can write the latent 
heat term of Eq. 15 as

	​ ρL ​ ​dV​ MO​​ ─ dt ​   =  ρL ​ ​dV​ MO​​ ─ ​dR​ MO​​ ​ ​​ 
​dT​ crys​​ ─ dr ​​ ∣​​​

r=​R​ MO​​
​ 

−1

 ​ ​  ​dT​ MO​​ ─ dt ​​	  (19)

Last, inserting Eqs. 16 and 17 into Eq. 15, we obtain the equation 
that controls the evolution of the magma ocean temperature

	​ ρ​c​ p​​ ​V​ MO​​ ​ ​dT​ MO​​ ─ dt ​   = ​ 
​S​ bot​​ ​q​ bot​​ − ​S​ top​​ ​q​ top​​ + ρ​h​ MO​​ ​V​ MO​​ + ​​dE​ HP​​ _ dt ​

   ─────────────────────   
1 − ​ L _ ​c​ p ​​​ ​

d​V​ MO​​ _ ​dR​ MO​​ ​ ​​
​dT​ crys​​ _ dr ​​ ∣​​​r=​R​ MO​​

​ 
−1

 ​
 ​​		 

		
(20)

Flotation crust
The flotation crust is modeled as a spherically symmetric shell of 
inner radius Rcrust and outer radius RMoon, whose temperature dis-
tribution is obtained solving the 1D heat diffusion equation, includ-
ing heat sources

	​​  ∂ T ─ ∂ t ​  = ​  2 ─ r ​ ​​ crust​​ ​ ∂ T ─ ∂ r ​ + ​​ crust​​ ​ ​∂​​ 2​ T ─ 
∂ ​r​​ 2​

 ​ + ​ ​h​ crust​​ ─ ​c​ p​​  ​​	 (21)

where crust = kcrust/(crustcp) is the thermal diffusivity of the crust 
and hcrust is its heat production per unit mass. The time dependence 
of the geometry is handled the same way as described for Eq. 3, with 
the difference that, in the case of the crust, the outer radius is fixed, 
while the inner radius evolves with time.

The crust starts from a thickness of 5 km as in (2). The time evo-
lution of Rcrust is obtained by assuming a constant ratio f of volume 
of crystallized plagioclase per unit volume of crystallized magma 
ocean and assuming that all plagioclase crystals formed settle at the 
top of the magma ocean. The value of f is imposed by the thickness 
of the crust at the end of crystallization (44 km as obtained from our 
model). By definition, we have

	​ f  =  − ​ ​dV​ crust​​ ─ ​dV​ MO​​ ​  = ​  
​​dV​ crust​​ _ ​dR​ crust​​

 ​ ​dR​ crust​​
  ──────────────────────   

​
​(​​

 ​​dV​ 
MO

​​ _ ​dR​ 
MO

​​ ​​)​​
​ 
​R​ crust​​

​​ ​dR​ 
MO

​​ + ​
​(​​

 ​ ​dV​ 
MO

​​ _ ​dR​ 
crust

​​​​)​​
​ 
​R​ MO​​

​​ ​dR​ 
crust

​​
 ​​	 (22)

where ​​​(​​ ​d​V​ MO​​ _ d​R​ MO​​ ​​)​​​ 
​R​ crust​​

​​​ is the derivative of VMO in RMO when Rcrust is kept 

constant and inversely for ​​​(​​ ​ d​V​ MO​​ _ d​R​ crust​​
​​)​​​ 

​R​ MO​​
​​​. Noting that ​​​(​​ ​ d​V​ MO​​ _ d​R​ crust​​

​​)​​​ 
​R​ MO​​

​​ = 
− ​d​V​ crust​​ _ d​R​ crust​​

 ​​, we can write Eq. 22 as

	​​ dR​ crust​​  = ​  
f
 ─ 1 − f ​ ​ 

​​(​​ ​​dV​ MO​​ _ ​dR​ MO​​ ​​)​​​ 
​R​ crust​​

​​
 ─ 

​​(​​ ​ ​dV​ MO​​ _ ​dR​ crust​​
​​)​​​ 

​R​ MO​​
​​
 ​ ​dR​ MO​​​	 (23)

which is the evolution for Rcrust. Equation 23 also yields

	​​ ​ ​dV​ MO​​ ─ ​dR​ MO​​ ​  = ​​ (​​ ​ ​dV​ MO​​ ─ ​dR​ MO​​ ​​)​​​ 
​R​ crust​​

​​​(​​1 + ​ 
f
 ─ 1 − f ​​)​​​​	 (24)

Initial setup
The thermal evolution simulations start when the crust is 5  km 
thick (Rcrust,0 = 1735 km). For our fiducial initial depth of the 
LMO (1000 km), the remaining magma ocean is then 110 km deep 
(RMO,0= 1630 km) and its temperature is TMO,0= 1518 K. The initial 
temperature profile in the crust is linear from the bottom of the 
crust at temperature TMO,0 up to the surface at 250 K. As the magma 
ocean’s temperature evolves, its bottom radius evolves accordingly 
following the crystallization temperature profile.
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Isotope fractionation model
Magma ocean isotopic signature
The equation for chemical equilibrium of species X (X being either 
Lu, Hf, Sm, or Nd; see table S2 for values relative to these isotopic 
systems) between the magma ocean and the different crystallizing 
minerals reads ​​[X]​ MO​​  =  1 / ​K​i​ 

X​ ​[X]​ i​​​, where [X]MO is the concentra-
tion of X in the magma ocean, [X]i is the concentration of X in mineral 
i, and ​​K​i​ 

X​​ is the partition coefficient of X between melt and mineral 
i (see table S3 for the list of minerals in the crystallization sequence). 
The minerals in the cumulate pile as well as plagioclase are assumed 
to be in equilibrium with the magma ocean only at the time step 
during which they crystallize and then to retain their crystallization 
concentration in X (unless modified by radioactive decay). The mass 
conservation of X between times t and t + dt [corresponding to a 
volume change dVMO = (VMO(t + dt) − VMO(t)) of the magma ocean 
volume and a volume increase of the cumulates and the crust com-
bined: dV = − dVMO] reads

	​​
​​V​ MO​​(t + dt ) ​[X]​ MO​​(t + dt ) + ​[​​(1 − ​ϕ​ t​​ ) ​∑ 

i
​ ​​ ​ C​ i​​ ​[X]​ i​​(t + dt ) dV+​

​    
​​ϕ​ 

t
​​ ​[X]​ 

MO
​​(t + dt ) dV​]​​  = ​ V​ 

MO
​​(t ) ​[X]​ 

MO
​​(t)​

 ​​	
		  (25)

where t is the amount of trapped melt remaining in the cumulate 
pile and Ci is the abundance of mineral i in the layer of volume dV 
of cumulates formed during dt. The first term on the left-hand side 
represents the total amount of X in the magma ocean at time t + dt, 
the second term on the left-hand side is the amount of X that enters 
the different minerals of the newly crystallized cumulates and crust 
layer, and the right-hand side represents the total amount of X in 
the magma ocean at time t. Using the partition coefficient ​​K​i​ 

X​​, [X]i 
can be replaced in Eq. 25 by ​​K​i​ 

X​ ​[X]​ MO​​​. If we write successively Eq. 25 
for X = P (the radiogenic parent species, i.e., 176Lu or 147Sm) and for 
X = Ds (the stable daughter species, i.e., 176Hf or 143Nd), and divide 
the former by the latter, we obtain the isotopic ratio updated for 
fractionation before radioactive decay

	​​ 

​​ [​   P ​] ─ [​D​ s​​]
 ​​∣​​​ 

MO
​​(t + dt ) = ​​ [P] ─ [​D​ s​​]

 ​​∣​​​ 
MO

​​(t)

​   
​ 
​V​ MO​​(t + dt ) + ​(​​(1 − ​ϕ​ t​​ ) ​∑ i​ ​​ ​C​ i​​ ​K​i​ 

D​ + ​ϕ​ t​​​)​​dV
    ────────────────────────    

​V​ MO​​(t + dt ) + ​(​​(1 − ​ϕ​ t​​ ) ​∑ i​ ​​ ​C​ i​​ ​K​i​ 
P​ + ​ϕ​ t​​​)​​dV

 ​
​​	 (26)

Because the radiogenic and stable daughter species Dr and Ds have 
the same partition coefficient, the ratio [Dr]/[Ds] is not affected by 
fractionation. Equation 26 provides the first half of the time step. 
We then apply radioactive decay

	​​​  [P] ─ [​D​ s​​]
 ​​∣​​​ 

MO
​​(t + dt ) = ​​ [​   P ​] ─ [​D​ s​​]

 ​​∣​​​ 
MO

​​(t + dt ) exp(− dt ln(2 ) / ​τ​ 1/2​​)​	 (27)

	​​
​​ [​D​ r​​] ─ [​D​ s​​]

 ​​∣​​​ 
MO

​​(t + dt ) = ​​ [​D​ r​​] ─ [​D​ s​​]
 ​​∣​​​ 

MO
​​(t ) + ​​ [​   P ​] ─ [​D​ s​​]

 ​​∣​​​ 
MO

​​(t + dt)
​   

(1 − exp(− dtln(2 ) / ​τ​ 1/2​​ ) )
 ​​	  (28)

where 1/2 is the half-life of the parent species. The magma ocean 
fractionation starts at a given time t0. The initial magma ocean has 
a chondritic composition for trace elements [from (40)]. The crys-
tallization before crust formation is assumed to be instantaneous, 

and only fractionation is computed during this phase. We then iterate 
the complete procedure (including decay) using the time series for 
VMO and RMO (i.e., the crystallization front’s depth) from our simu-
lations until ([P]/[Ds])MO reaches the value measured in KREEP 
samples from (22) for both systems at the same time ([176Lu]/[177Hf] = 
0.0153 ± 0.0033 and [147Sm]/[143Nd] = 0.1723 ± 0.0019). If these ratios 
are never reached simultaneously, we discard the simulation. If they 
do, we consider the isotopic ratios of the remaining magma ocean 
as representative of the bulk KREEP ratios and compute their evo-
lution due to decay.
Cumulate whole-rock isotopic signature
We also compute the whole-rock isotopic ratios in the cumulate pile 
forming before the growth of the flotation crust. We can thus make 
two simplification: First, all minerals forming settle in the cumulate 
pile (i.e., CPlagioclase = 0); second, radioactive decay of long-lived 
species can be neglected [i.e., ​​([​D​ r​​ ] / [​D​ s​​ ])​ MO​​  = ​ ([​D​ r​​​  ] / [​ ​D​ s​​ ] )​ MO​​​ and ​​
([P ] / [​D​ s​​ ] )​ MO​​  = ​ ([P​̃  ] / [​ ​D​ s​​ ] )​ MO​​​]. The whole-rock isotopic ratios in 
the cumulate pile at the time of crystallization (tcrys) hence read

	​​​  [P] ─ [​D​ s​​]
 ​​∣​​​ 

WR
​​(​t​ crys​​ ) = ​ 

​∑ i​ ​​ ​C​ i​​ ​K​i​ 
P​
 ─ 

​∑ i​ ​​ ​C​ i​​ ​K​i​ 
D​

 ​ ​​ [P] ─ [​D​ s​​]
 ​​∣​​​ 

MO
​​(​t​ crys​​)​	 (29)

	​​​  [​D​ r​​] ─ [​D​ s​​]
 ​​∣​​​ 

WR
​​(​t​ crys​​ ) = ​​ [​D​ r​​] ─ [​D​ s​​]

 ​​∣​​​ 
MO

​​(​t​ crys​​)​	 (30)

The ratios at any time t can then be computed using a simple 
radioactive decay law

	​​​  [P] ─ [​D​ s​​]
 ​​∣​​​ 

WR
​​(t ) = ​​ [P] ─ [​D​ s​​]

 ​​∣​​​ 
WR

​​(​t​ crys​​ ) (1 − exp((t − ​t​ crys​​ ) ln(2 ) / ​τ​ 1/2​​ ) )​		

		  (31)

	​​​​  [​D​ r​​] ─ [​D​ s​​]
 ​​∣​​​ 

WR
​​(t ) = ​​ [​D​ r​​] ─ [​D​ s​​]

 ​​∣​​​ 
WR

​​(​t​ crys​​ ) + ​(​​ ​​ [P] ─ [​D​ s​​]
 ​​∣​​​ 

WR
​​(​t​ crys​​ ) − ​​ [P] ─ [​D​ s​​]

 ​​∣​​​ 
WR

​​(t ) ​)​​​​		

		  (32)

Using this method, we compute the 176Hf in the early formed 
cumulates, which are then discussed in relation with Kal009 (see 
section S4).

Once the crust starts growing, radioactive delay is not anymore, 
and Eq. 29 needs to be followed by Eqs. 27 and 28 applied to the 
whole-rock isotopic ratios. Because plagioclase does not enter the 
cumulate pile but the flotation crust, we still consider CPlagioclase = 0.
Monte-Carlo simulations
Performing random sampling of both t0 (within the first 400 Ma of 
the solar system) and of the melt/rock partition coefficients of the 
cumulates minerals within the error bars from the literature (see 
table S3), we run 104 fractionation models and select those for which 
the KREEP decay lines cross most data points (within the uncertainty 
ellipsoid). The data points are those used in (22) and are provided in 
table S4. The eight samples listed provide a total of 12 data points 
(four having both 143Nd and 176Hf values and four having only 
143Nd values). Some data points are not compatible with the others 
in that they cannot be all matched with a single line whose slope is 
given by the [176Lu]/[177Hf] and [147Sm]/[143Nd] ratios. Hence, the 
best fit consists in matching 11 of 12 data points. Those cases that 
reach the optimal fit are shown in Fig. 4.
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SUPPLEMENTARY MATERIALS
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REFERENCES AND NOTES
	 1.	 A. C. Barr, On the origin of Earth's Moon. J. Geophys. Res. Planets 121, 1573–1601 (2016).
	 2.	 L. T. Elkins-Tanton, S. Burgess, Q.-Z. Yin, The lunar magma ocean: Reconciling 

the solidification process with lunar petrology and geochronology. Earth Planet. Sci. Lett. 
304, 326–336 (2011).

	 3.	 V. Perera, A. P. Jackson, L. T. Elkins-Tanton, E. Asphaug, Effect of reimpacting debris 
on the solidification of the lunar magma ocean. J. Geophys. Res. Planets 123, 1168–1191 
(2018).

	 4.	 J. A. Wood, J. S. Dickey Jr., U. B. Marvin, B. N. Powell, Lunar anorthosites and geophysical 
model of the Moon, in Proceedings of the Apollo 11 Lunar Science Conference (Pergammon 
Press, 1970), pp. 897–925.

	 5.	 J. Meyer, L. Elkins-Tanton, J. Wisdom, Coupled thermal-orbital evolution of the early 
Moon. Icarus 208, 1–10 (2010).

	 6.	 Z. Tian, J. Wisdom, L. Elkins-Tanton, Coupled thermal-orbital evolution of the early 
Earth-Moon system with a fast-spinning Earth. Icarus 281, 90–102 (2017).

	 7.	 E. M. A. Chen, F. Nimmo, Tidal dissipation in the lunar magma ocean and its effect 
on the early evolution of the Earth-Moon system. Icarus 275, 132–142 (2016).

	 8.	 V. Perera, A. P. Jackson, L. T. Elkins-Tanton, E. Asphaug, Effect of re-impacting debris on 
the solidification of the lunar magma ocean, in 49th Lunar and Planetary Science 
Conference (2018).

	 9.	 M. A. Wieczorek, B. L. Joliff, A. Khan, M. E. Pritchard, B. P. Weiss, J. G. Williams, L. L. Hood, 
K. Righter, C. R. Neal, C. K. Shearer, I. S. McCallum, S. Tompkins, B. R. Hawke, C. Peterson, 
J. J. Gillis, B. Bussey, The constitution and structure of the lunar interior. Rev. Mineral. 
Geochem. 60, 221–364 (2006).

	 10.	 J. M. Barnlund, A. M. Hofmeister, Heat transfer in plagioclase feldspar. Am. Mineral. 97, 
1145–1154 (2012).

	 11.	 M. Maurice, N. Tosi, H. Samuel, A.-C. Plesa, D. Breuer, C. Hüttig, Onset of solid-state mantle 
convection and mixing during magma ocean solidification. J. Geophys. Res. Planets 122, 
577–598 (2017).

	 12.	 C.-E. Boukaré, E. M. Parmentier, S. W. Parman, Timing of mantle overturn during magma 
ocean solidification. Earth Planet. Sci. Lett. 491, 216–225 (2018).

	 13.	 A. Morison, S. Labrosse, R. Deguen, T. Alboussière, Timescale of overturn in a magma 
ocean cumulate. Earth Planet. Sci. Lett. 516, 25–36 (2019).

	 14.	 G. Hirth, D. Kohlstedt, Rheology of the upper mantle and the mantle wedge: A view from 
the experimentalists, in Inside the Subduction Factory, J. Eiler, Ed. (Geophysical 
Monograph Series, AGU, 2003), vol. 138, pp. 83–105.

	 15.	 P. C. Hess, E. M. Parmentier, A model for the thermal and chemical evolution 
of the Moon's interior: Implication for the onset of mare volcanism. Earth Planet. Sci. Lett. 
134, 501–514 (1995).

	 16.	 S. Yu, N. Tosi, S. Schwinger, M. Maurice, D. Breuer, L. Xiao, Overturn of ilmenite-bearing 
cumulates in a rheologically weak lunar mantle. J. Geophys. Res. Planets 124, 418–436 
(2019).

	 17.	 Y. Zhao, J. de Vries, A. P. van den Berg, M. H. G. Jacobs, W. van Westrenen, The 
participation of ilmenite-bearing cumulates in lunar mantle. Earth Planet. Sci. Lett. 511, 
1–11 (2019).

	 18.	 C. K. Shearer, P. C. Hess, M. A. Wieczorek, M. E. Pritchard, E. M. Parmentier, L. E. Borg, 
J. Longhi, L. T. Elkins-Tanton, C. R. Neal, I. Antonenko, R. N. Canup, A. N. Halliday, 
T. L. Grove, B. H. Hager, D.-C. Lee, U. Wiechert, Thermal and magmatic evolution 
of the Moon. Rev. Mineral. Geochem. 60, 365–518 (2006).

	 19.	 J. de Vries, A. van den Berg, W. van Westrenen, Formation and evolution of a lunar  
core from ilmenite-rich magma ocean cumulates. Earth Planet. Sci. Lett. 292, 139–147 
(2010).

	 20.	 L. E. Borg, A. M. Gaffney, C. K. Shearer, A review of lunar chronology revealing 
a preponderance of 4.34-4.37 Ga ages. Meteorit. Planet. Sci. 50, 715–732 (2015).

	 21.	 L. E. Borg, J. N. Connelly, M. Boyet, R. W. Carlson, Chronological evidence that  
the Moon is either young or did not have a global magma ocean. Nature 477, 70–72 
(2011).

	 22.	 A. M. Gaffney, L. E. Borg, A young solidification age for the lunar magma ocean. 
Geochim. Cosmochim. Acta 140, 227–240 (2014).

	 23.	 M. Barboni, P. Boehnke, B. Keller, I. E. Kohl, B. Schoene, E. D. Young, K. D. McKeegan, 
Early formation of the Moon 4.51 bilion years ago. Sci. Adv. 3, e1602365 (2017).

	 24.	 J. F. Snape, N. M. Curran, M. J. Whitehouse, A. A. Nemchin, K. H. Joy, T. Hopkinson, 
M. Anand, J. J. Belluci, G. G. Kenny, Ancient volcanism on the Moon: Insights from Pb 
isotopes in the MIL 13317 and Kalahari 009 lunar meteorites. Earth Planet. Sci. Lett. 502, 
84–95 (2018).

	 25.	 A. K. Sokol, V. A. Fernandes, T. Schultz, A. Bischoff, R. Burgess, R. N. Clayton,  
K. Münker, K. Nishiizumi, H. Palme, L. Schultz, G. Weckwerth, K. Mezger,  

M. Horstmann, Geochemistry, petrology and ages of the lunar meteorites Kalahari 008 
and 009: New constraints on early evolution. Geochim. Cosmochim. Acta 72, 4845–4873 
(2008).

	 26.	 F. Albarède, Volatile accretion history of the terrestrial planets and dynamic implications. 
Nature 461, 1227–1233 (2009).

	 27.	 J. F. Rudge, T. Kleine, B. Bourdon, Broad bounds on Earth's accretion and core formation 
constrained by geochemical models. Nat. Geosci. 3, 439–443 (2010).

	 28.	 C. J. Allègre, G. Manhès, C. Göpel, The age of the Earth. Geochim. Cosmochim. Acta 59, 
1445–1456 (1995).

	 29.	 B. J. Wood, A. N. Halliday, The lead isotopic age of the Earth can be explained by core 
formation alone. Nature 465, 767–770 (2010).

	 30.	 S. A. Jacobson, A. Morbidelli, S. N. Raymond, D. P. O'Brien, K. J. Walsh, D. C. Rubie, Highly 
siderophile elements in Earth's mantle as a clock for the Moon-forming impact. Nature 
508, 84–87 (2014).

	 31.	 W. F. Bottke, D. Vokrouchlický, S. Marchi, T. Swindle, E. R. D. Scott, J. R. Weirich, H. Levison, 
Lunar formation. Dating the Moon-forming impact event with asteroidal meteorites. 
Science 348, 321–323 (2015).

	 32.	 J. D. Davenport, C. R. Neal, G A. Snyder, D. Bolster, J. Longhi, Forward, reverse and 
FXMOTR modelling of the LMO: A new look at the bulk composition of the LMO, in  
45th Lunar Planetary Science Conference (LPI press, 2014).

	 33.	 J. F. Rapp, D. S. Draper, Fractional crystallization of the lunar magma ocean: Updating 
the dominant paradigm. Meteor. Planet. Sci. 53, 1432–1455 (2018).

	 34.	 P. M. Smith, P. D. Asimov, Adiabat_1ph: A new public front-end to the MELTS, pMELTS, 
and pHMELTS models. Geochem. Geophys. Geosyst. 6, Q02004 (2005).

	 35.	 S. Schwinger, D. Breuer, Modeling the thermochemical evolution of the lunar  
magma ocean using igneous crystallization programs, in AGU Fall Meeting  
(AGU press, 2018).

	 36.	 H. St. C. O'Neill, The origin of the moon and the early history of the earth—A chemical 
model. Part 1: The moon. Gechim. Cosmochim. Acta 55, 1135–1157 (1991).

	 37.	 S. R. Taylor, Planetary Science, A Lunar Perspective (Lunar and Planetary Institute, 1982).
	 38.	 M. A. Wieczorek, G. A. Neumann, F. Nimmo, W. S. Kiefer, G. J. Taylor, H. J. Melosh, 

R. J. Phillips, S. C. Solomon, J. C. Andrews-Hanna, S. W. Asmar, A. S. Konopliv, 
F. G. Lemoine, D. E. Smith, M. M. Watkins, J. G. Wiliams, M. T. Zuber, The crust of the Moon 
as seen by GRAIL. Science 339, 671–675 (2013).

	 39.	 A.-C. Plesa, N. Tosi, C. Hüttig, Thermo-chemical convection in planetary mantles: 
Advection methods and magma ocean overturn simulations, in Integrated Information 
and Computing Systems for Natural, Spatial and Social Sciences (IGI Global, 2012), 
pp. 302–323.

	 40.	 A. Bouvier, J. D. Vervoort, J. P. Patchett, The Lu-Hf and Sm-Nd isotopic composition 
of CHUR: Constraints from unequilibrated chondrites and implicatoins for  
the bulk composition of terrestrial planets. Earth Planet. Sci. Lett. 273, 48–57  
(2008).

	 41.	 J. W. Hernlund, P. J. Tackley, Modelling mantle convection in the spherical annulus. 
Phys. Earth Planet. Inter. 171, 48–54 (2008).

	 42.	 P. van Keken, Cylindrical scaling for dynamical cooling models of the Earth. Phys. Earth 
Planet. Inter. 124, 119–130 (2001).

	 43.	 T. S. Kruijer, T. Kleine, Tungsten isotopes and the origin of the Moon. Earth Planet. Sci. Lett. 
475, 15–24 (2017).

	 44.	 P. Sprung, T. Kleine, E. E. Scherer, Isotopic evidence for chondritic Lu/Hf and Sm/Nd 
of the Moon. Earth Planet. Sci. Lett. 380, 77–87 (2013).

	 45.	 D. J. Taylor, K. D. McKeegan, T. M. Harrison, Lu-Hf zirconevidence for rapid lunar 
differentiation. Earth Planet. Sci. Lett. 279, 157–164 (2009).

	 46.	 P. Sprung, E. E. Scherer, D. Upadhyay, I. Leya, K. Mezger, Non-nucleosynthetic 
heterogeneity in non-radiogenic stable Hf isotopes: Implications for early solar system 
chronology. Earth Planet. Sci. Lett. 295, 1–11 (2010).

	 47.	 T. Kruijer, T. Kleine, M. Fischer-Gödde, P. Sprung, Lunar tungsten isotopic evidence 
for the late veneer. Nature 520, 534–537 (2015).

	 48.	 P. McDade, J. D. Blundy, B. J. Wood, Trace elements partitioning on the Tinaquilo 
lherzolite solidus at 15 GPa. Phys. Earth Planet. Inter. 139, 129–147 (2003).

	 49.	 W. P. Nash, H. R. Crecraft, Partition coefficients for trace elements in silicic magmas. 
Geochim. Cosmochim. Acta 49, 2309–2322 (1985).

	 50.	 S. Klemme, D. Günther, S. Prowatke, T. Zack, The partitioning of trace elements between 
ilmenite, ulvospinel, armalcolite and silicate melts with implications for the early 
differentiation of the Moon. Chem. Geol. 234, 251–263 (2006).

	 51.	 S. Prowatke, S. Klemme, Trace elements partitioning between apatite and silicate melts. 
Geochim. Cosmochim. Acta 70, 4513–4527 (2006).

	 52.	 S. Prowatke, S. Klemme, Effect of melt composition on the partitioning of trace 
elements between titanite and silicate melt. Geochim. Cosmochim. Acta 69, 695–709 
(2005).

	 53.	 R. W. Carlson, G. W. Lugmair, Sm–Nd constraints on early lunar differentiation 
and the evolution of KREEP. Earth Planet. Sci. Lett. 45, 123–132 (1979).

 on O
ctober 22, 2020

http://advances.sciencem
ag.org/

D
ow

nloaded from
 

http://advances.sciencemag.org/cgi/content/full/6/28/eaba8949/DC1
http://advances.sciencemag.org/cgi/content/full/6/28/eaba8949/DC1
http://advances.sciencemag.org/


Maurice et al., Sci. Adv. 2020; 6 : eaba8949     10 July 2020

S C I E N C E  A D V A N C E S  |  R E S E A R C H  A R T I C L E

10 of 10

	 54.	 C.-Y. Shih, L. E. Nyquist, B. M. Bansal, H. Wiesman, Rb–Sr and Sm–Nd chronology 
of an Apollo 17 KREEP basalt. Earth Planet. Sci. Lett. 108, 203–215 (1992).

	 55.	 L. E. Nyquist, C.-Y. Shih, Y. D. Reese, A. J. Irving, Sm–Nd and Rb–Sr ages for North West 
Africa 2977, a young lunar gabbro from the PKT, in 72nd Annual Meteoritical Society 
Meeting (MetSoc, 2009).

Acknowledgments: The authors thank Wim van Westrenen and two anonymous referees for their 
constructive reviews. Funding: M.M. and N.T. were supported by the Helmholtz Association (project 
VH-NG-1017). S.S., D.B., and T.K. were supported by the Deutsche Forschungsgemeinschaft (German 
Research Foundation)—Project ID 263649064—TRR 170. This is TRR publication 100. Author 
contributions: M.M., N.T., T.K., and D.B. conceived the project. M.M. developed the thermal 
evolution model and the isotope fractionation model. S.S. developed the crystallization model. 
M.M., N.T., D.B., and T.K. analyzed the results. M.M., N.T., and T.K. wrote the manuscript. All authors 

reviewed the manuscript. Competing interests: The authors declare that they have no competing 
interests. Data and materials availability: All data are available on request from M.M. The code 
GAIA is property of DLR and is available on request from N.T. (Nicola.tosi@dlr.de). The code 
alphaMELTS is freely available at https://magmasource.caltech.edu/alphamelts/download.php. The 
code FXMOTR is available as part of the SPICES package at https://lpi.usra.edu/lunar/tools/
crystallizationcalculation/.

Submitted 14 January 2020
Accepted 28 May 2020
Published 10 July 2020
10.1126/sciadv.aba8949

Citation: M. Maurice, N. Tosi, S. Schwinger, D. Breuer, T. Kleine, A long-lived magma ocean on a 
young Moon. Sci. Adv. 6, eaba8949 (2020).

 on O
ctober 22, 2020

http://advances.sciencem
ag.org/

D
ow

nloaded from
 

https://magmasource.caltech.edu/alphamelts/download.php
https://lpi.usra.edu/lunar/tools/crystallizationcalculation/
https://lpi.usra.edu/lunar/tools/crystallizationcalculation/
http://advances.sciencemag.org/


A long-lived magma ocean on a young Moon
M. Maurice, N. Tosi, S. Schwinger, D. Breuer and T. Kleine

DOI: 10.1126/sciadv.aba8949
 (28), eaba8949.6Sci Adv 

ARTICLE TOOLS http://advances.sciencemag.org/content/6/28/eaba8949

MATERIALS
SUPPLEMENTARY http://advances.sciencemag.org/content/suppl/2020/07/06/6.28.eaba8949.DC1

REFERENCES

http://advances.sciencemag.org/content/6/28/eaba8949#BIBL
This article cites 48 articles, 6 of which you can access for free

PERMISSIONS http://www.sciencemag.org/help/reprints-and-permissions

Terms of ServiceUse of this article is subject to the 

 is a registered trademark of AAAS.Science AdvancesYork Avenue NW, Washington, DC 20005. The title 
(ISSN 2375-2548) is published by the American Association for the Advancement of Science, 1200 NewScience Advances 

BY).
Science. No claim to original U.S. Government Works. Distributed under a Creative Commons Attribution License 4.0 (CC 
Copyright © 2020 The Authors, some rights reserved; exclusive licensee American Association for the Advancement of

 on O
ctober 22, 2020

http://advances.sciencem
ag.org/

D
ow

nloaded from
 

http://advances.sciencemag.org/content/6/28/eaba8949
http://advances.sciencemag.org/content/suppl/2020/07/06/6.28.eaba8949.DC1
http://advances.sciencemag.org/content/6/28/eaba8949#BIBL
http://www.sciencemag.org/help/reprints-and-permissions
http://www.sciencemag.org/about/terms-service
http://advances.sciencemag.org/

